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A model of the thermal, compositional, density, and seismological structure of the lithospheric and
sublithospheric mantle along a 500-km transect across the Namibian volcanic passive margin is presented.
This margin juxtaposes old oceanic lithosphere and a Precambrian continental domain. The model combines
within an internally consistent framework data from petrology, mineral physics, and geophysical observables.
The calculated mantle temperature and density distributions down to a depth of 400 km are consistent with
available xenolith-derived data, and fit simultaneously the observed free-air anomaly, geoid height, surface
heat flow, and elevation. The model also explains the anomalously thick oceanic crust and the depletion of
the lithospheric mantle in the ocean–continent transition and in the Proterozoic continental domain. Seismic
velocities predicted by the present model are in good agreement with values obtained from wide angle
reflection/refraction and tomography experiments. The thermal lithospheric thickness is ~100 km in the
oceanic domain, increasing gradually to ~125 km across the ocean–continent transition and then more
sharply to ~175 km in the continental domain. The density distribution in the mantle differs significantly
from current purely thermal approaches where density is assumed to be only temperature-dependent. Non-
negligible compositional density differences are encountered between the oceanic, transitional, and
continental domains. Results show that non-thermal effects such as composition and phase changes cannot
be neglected in models of the upper mantle.

© 2009 Elsevier B.V. All rights reserved.
1. Introduction

Much attention has been devoted during the last two decades to
understanding the origin and evolution of the western passive margin
of Africa. Due to its economic potential, the West African offshore
has been intensively studied using industrial seismic techniques (cf.
Cameron et al., 1999; Arthur et al., 2003). These studies point out
its highly heterogeneous features, showing regions with typical
characteristics of volcanic (e.g. Namibia), non-volcanic (e.g. Angola),
oblique-shear (e.g. Rio Muni, Ghana), narrow (e.g. Angola), and wide
(e.g. South Africa) margins (Clift et al., 1997; Clemson et al., 1997;
Gladczenko et al., 1998; Cameron et al.,1999; Bauer et al., 2000; Arthur
et al., 2003; Turner et al., 2003; Contrucci, 2004). As a consequence of
the complex rotation history during the opening of the Atlantic Ocean,
the age of the oceanic lithosphere in juxtaposition with continental
lithosphere also varies along the margin by as much as ~50 Ma.

The NamibianMargin, located at the southern segment of theWest
Africa margin, resulted from the separation of South Africa and South
America in the Early Cretaceous, following the continental breakup of
Gondwana in the Early Jurassic. This separation followed dominantly
34 934110012.
ez).
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N–S-oriented structures of the coastal Kaoko and Gariep Pan-African
belts, and was accompanied by voluminous igneous activity south of
the Walvis Ridge. This resulted in typical volcanic-margin features
such as seaward dipping reflectors (SDRs), atypically thick oceanic
crust with a layer 3 reaching up to 9 km in thickness, intrusives in the
sedimentary column, and anomalous high-density bodies underneath
the SDRs (Gladczenko et al., 1998). In addition, bathymetry in the
oceanic domain is up to 2 km shallower than expected for mature
oceanic lithosphere, whereas the measured surface heat flow (SHF) is
lower than average estimates (e.g. Pollack et al., 1993). The
continental domain consists mainly of Precambrian structural
elements, foremost among which are the Pan-African Damara Belt,
and the Congo and Kalahari cratons (Fig. 1). Crustal thickness in this
area varies between ~26 km in the coastal region to ~40 km, beneath
the Messum intrusion (Bauer et al., 2003). The uppermost mantle
under both oceanic and continental crust along the ocean–continental
transition zone is characterized by slightly fast P-wave anomalies (e.g.
King and Ritsema, 2000).

Although the crustal structure of the NamibianMargin is fairly well
constrained along some specific transects, studies dealing with its
deep lithospheric structure are lacking. The upper mantle structure
across the Namibian Margin was affected by the Tristan plume during
the Mesozoic extension and rifting of a Proterozoic continental region.
Indeed, the anomalously thick oceanic crust, related to an excess of
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Fig. 1. Location map of the modelled transect (solid black line). Dotted lines at both sides of the main transect represent additional refraction and reflection seismic profiles used to
constraint the crustal structure (A, transect 4 of Gladczenko et al., 1998; B, transect 2 of Bauer et al., 2000). Contour lines indicate bathymetry in meters.
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melting in a plume-influencedMOR setting,must have induced higher
mantle depletion than occurs in standard MORs. Similarly, xenolith
suites generally show that Proterozoic domains have intermediate
depletion degrees between Phanerozic (less depleted) and Archean
(more depleted) lithospheres (e.g. Griffin et al., 1999; Poudjom-
Djomani et al., 2001; O'Reilly and Griffin, 2006).

Numerical experiments modelling the deep structure of volcanic
and non-volcanic passive margins commonly assume that the litho-
sphere rests over an inviscid asthenosphere with constant density
everywhere and that the density of the lithospheric mantle is only
temperature dependent (e.g. O'Reilly et al., 1998; Fernàndez et al.,
2004, 2005; Zeyen et al., 2005; Scheck-Wenderoth and Maystrenko,
2008, for the Northern North Atlantic volcanic margin and the Iberian
and North African non-volcanic margins). Although these models
succeed in explaining some of the available observables (usually
gravity, geoid, elevation, SHF, and crustal geometry), they clearly fail in
reproducing seismic tomography and xenolith-derived geochemical
data as well as the actual mantle density distribution.

In this paper we present a numerical model of the present-day
lithospheric structure of the volcanic Namibian Margin along a
500 km-long transect, running almost perpendicularly to the ocean–
continental transition zone, from Precambrian continental to Early
Cretaceous oceanic lithosphere (Fig. 1). The model is based on the
method developed by Afonso et al. (2008), which combines data from
petrology, mineral physics, and geophysical observables within a self-
consistent framework to study the thermal, compositional, density and
seismological structure of the mantle down to 400 km depth. In
addition to regional/global data as gravity, geoid, elevation and SHF,we
have considered seismology and geochemistry data to better constrain
the model. The aims of the work are: i) to calculate partial melt
fractions and derived mantle properties related to the abnormally
thick layer-3 oceanic crust and shallow bathymetry; ii) to estimate the
mantle mineral composition and depletion degree of the Proterozoic
continental domain compatible with xenolith and seismic data; and
iii) to obtain a general characterization across the whole margin of
the thermal, compositional, density and seismological structure of the
uppermost mantle down to 400 km depth, and the geometry of the
lithosphere–asthenosphere boundary (LAB). The results are discussed
in terms of the effects of variations in mantle composition and phase-
changes related to P–T conditions on the bulk density and elastic
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properties of the mantle. The inclusion of these effects leads to a more
accurate modelling of the lithospheric structure.

2. Geological setting

Three Pan-African mobile belts with triple junction geometry
characterize the geology of Namibia: The Kaoko belt, flanking the coast
in the north; The Damara belt, trending NE–SW, between the Congo
and Kalahari Cratons; and the Gariep belt (mostly in South Africa) to
the south (Fig. 1). Remnants of these Neoproterozoic belts, formed
during the amalgamation of South Gondwana (1000–450 Ma), are
located on the Atlantic coast of South America (Porada, 1989; Basei
et al., 2000). They have been typically interpreted as collisional
orogens, although some questions regarding their origin and evolution
remain (e.g. Seth et al., 1998; Passchier et al., 2002). The Damara belt,
which spatially separates the other two (Fig. 1), represents the eroded
core of an aulacogen originated around 900 Ma, which has been later
affected by a continental collision between the Congo and Kalahari
Cratons in the early Cambrian (Miller, 1983; Porada, 1989; Goscombe
Fig. 2. Maps of regional observables used in this work. A: Free-air anomalies, contours ever
contours every 500 m. D: Surface heat flow, contours every 10 mWm−2. Black dots indicate
the modelled transect.
et al., 2003). Its crystalline units are mainly composed of amphibolite-
grade metasediments and several posttectonic granitic intrusions
(Miller,1983). It is overlain by sediments of Permian andMesozoic age
(Karoo Group), and by volcanic rocks (mostly tholeiitic mafic and
silicic volcanic units) of the Etendeka Group, extruded in the early
Cretaceous (Fig. 1). This magmatic pulse (~132 Ma), followed by
multipleminor pulses, was also responsible for the extrusion of Paraná
lavas in Brazil during the opening of the South Atlantic (Peate et al.,
1992).

Another important expression ofMesozoicmagmatism in this area is
the emplacement of more than 20 subvolcanic bodies (Damaraland
complexes), which extend from the coast up to ~350 km inland
(Mingramet al., 2000). Both the volcanismand the intrusive activity are
usually interpreted as a consequence of the activity of the Tristanmantle
plume (e.g. Milner and le Roex, 1996). Two ring-shaped complexes,
known as Cape Cross and Messum intrusions (Fig. 1), cut the Etendeka
basalts, although their respective ages do not differ bymore than ~4Ma
(Schmitt et al., 2000). The Cape Cross ring complex is located at the
present coastline, with more than half of it offshore. Its shape and
y 20 mGal (see text for inland data). B: Geoid height, contours every 1 m. C: Elevation,
SHF measurements used to produce the smooth map. Solid lines indicate the location of
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extension are clear from magnetic and gravity data (Fig. 2). Although
there are just a few exposures onshore, its composition appears to be
dominatedbygabbros, granites, and syenites. TheMessumring complex
has an internal structure consisting of three concentric zones: gabbros,
anorthosites, and granitoids make up the outer ring; the intermediate
zone is mostly composed of granitoids; and the core zone comprises
mainly syenitic intrusions (Harris et al., 1999). The early Cretaceous
volcanism is associated with the completion of the continental breakup
and the opening of the Atlantic Ocean. Although the history of sea floor
spreading is well constrained only from anomaly 34 to present
(Nürnberg andMüller, 1991), there is general agreement that the oldest
magnetic seafloor-spreading anomaly recognized offshore Namibia
correlates with M4 (~126 Ma) (e.g. Rabinowitz and LaBrecque, 1979;
Nürnberg andMüller, 1991). This indicates that the extrusion of lavas of
the Etendeka Group and the emplacement of Damaraland complexes
commenced just shortly before, or simultaneously with, the onset of
seafloor spreading (Gladczenko et al.,1998). This major igneous activity
is also supported by seismic data offshoreNamibia andArgentina,which
have recognized relatively thick wedges of basaltic SDRs on both sides
of the SouthAtlantic (e.g. Gladczenkoet al.,1998;Hinz et al.,1999; Bauer
et al., 2000).

3. Available geophysical data

Available data used to constrain the crustal and lithospheric
structure on the Namibian Margin include wide-angle and near-
vertical seismic surveys, regional tomography, surface heat flow,
global satellite datasets, and combined gravity and seismic modeling.

Numerous hydrocarbon-related exploration surveys have been
carried out on the Namibian continental shelf. These include more
than 14,000 km of commercial reflection/ refraction seismic profiling,
gravimetry, and aeromagnetic surveys (Green, 1983; Maslanyj et al.,
1992; Light et al., 1992, 1993; Clemson et al., 1997; Gladczenko et al.,
1997, 1998; Bauer et al., 2000). Gladczenko et al. (1997, 1998)
investigated the deep structure of the crust using commercial seismic
data that included four multi-channel seismic lines offshore of the
Damara belt, recorded to a maximum of 14 s two-way travel time.
They pointed out the occurrence of voluminous basaltic flows related
to SDRs to the south of the Walvis Ridge, and the existence of
anomalous high-velocity bodies under the transitional crust, inter-
preted as underplating material. These, and other characteristics (e.g.
thickened oceanic crust, intrusives in the sedimentary column), led
Gladczenko et al. (1998) to classify the Namibian continental margin,
south of theWalvis Ridge, as a typical volcanic margin. They presented
a combined seismic-gravity crustal model of their transect 4 (Fig. 1;
see also Fig. 14 in Gladczenko et al., 1998), running for ~300 km from
continental, through transitional, to oceanic crust. The density
structure used in their modelling (derived from the seismic velocities)
satisfies the observed gravity anomalies along the transect except for a
~50 mGal gravity high near the coastline. To fit this feature, a 20-km-
wide intrusive body with a density contrast N100 kg m−3 with the
surrounding rocks had to be included in the model. Although such a
body is not evident in their velocity data, mafic intrusions related to
the Early Cretaceous igneous activity are common in this area
(Mingram et al., 2000).

Bauer et al. (2000) presented magnetic and refraction/reflection
seismic data on two transects across the Namibian Margin. Transect 1
(modeled in this paper) extends for 500 km, from oceanic crust
(approx. anomaly M2) up to 100 km inland. It is close to transect 4 of
Gladczenko et al. (1998), making possible a qualitative comparison
between them (Fig. 1). The results obtained from modelling of
magnetic and gravity anomalies are similar to those previously found
by Gladczenko et al. (1998). The two velocity–depth–density models
presented by Gladczenko et al. (1998) and Bauer et al. (2000) are
comparable and consistent. The existence of SDRs in the Namibian
Margin, and high-velocity bodies in the lowermost crust below them,
was confirmed by Bauer et al. (2000). They also suggested that the
seismic characteristics of the material beneath the zone of SDRs can
only be explained by igneous composition, and that the transitional
crust consists completely of accreted igneous material, with an
extended and rifted continental crust almost absent. Again, a density
correction of about 50 kg m−3 had to be applied to the Cape Cross
anomaly in order to fit the observables. More recent studies also
corroborate the continuation of Cape Cross and Messum intrusives
down to Moho depths (Bauer et al., 2003).

Regional datasets (gravity, geoid height, elevation and heat flow)
used in this studywere collected fromseveral different sources (Fig. 2).
Free-air gravity data in the ocean and continent were obtained from
the V16.1model of Sandwell and Smith (1997) and Vietor et al. (2001),
respectively. Elevation data were taken from the V9.1 global topo-
graphy model (http://topex.ucsd.edu/WWW html/mar topo.html;
Smith and Sandwell,1997) and SRTM (Farr et al., 2007) for bathymetry
and on-land topography, respectively. Geoid height datawere obtained
from the EGM-96 model (Lemoine et al., 1998) developed to degree
and order 360 and removing harmonic coefficients up to degree and
order 9 to avoid undesirable deep convective effects. At a regional
scale, differences between EGM96 and the more recent GGM02,
derived from the Gravity Recovery and Climate Experiment (GRACE),
are negligible (Tapley et al., 2005).

Surface heat flow (SHF) is by far the least constrained observable.
The global SHF dataset of Pollack et al. (1993) includes only 10
measurements spread over the area of interest (Fig. 2) ranging from
b35 mW m−2 in the oceanic domain to N75 mW m−2 in the
continental domain and showing a large scattering. The coverage of
SHF data along the selected profile is particularly poor and it is not
possible to project measurements over a strip with a half-width less
than 150 km. Therefore, we generated a contour heat flow map by
interpolating the available data in a 0.5′×0.5′ regular grid using a
normal Kriging algorithm. The resulting map (Fig. 2) shows a
decreasing trend of SHF from the continent to the sea, but with
noticeable lateral variations probably related to the poordata coverage.
This decreasing trend is in agreement with global heat flow
measurements although the obtained values for the deep ocean
(b35 mW m−2) are lower than the average observed values of 53±
21.6 mW m−2 in Early Cretaceous ocean basins (Pollack et al., 1993).
Similarly, the obtained SHF in the continental domain exceeds values
of 70 mW m−2, which are larger than the global average observed in
Proterozoic domains (58.3±25.6 mW m−2). Despite of these
discrepancies, the obtained values are within the range of variability
of global estimates and therefore we have assumed an uncertainty of
20% in SHF,which is also consistentwith the total uncertainty resulting
from errors in the calculation/estimation of the thermal conductivity
and radiogenic heat production, poor sampling, subsurface water
circulation, etc. (e.g. Jaupart and Mareschal, 1999).

4. Method

The methodology and finite-element code (LitMod) used to model
the lithospheric structure of the Namibian Margin are described in
detail in Afonso et al. (2008); general applications to both oceanic and
continental domains can be found in Afonso et al. (2007, 2008). Here
we give a brief summary of the key aspects of the method and discuss
some new implementations relevant to this paper.

The numerical approach is based on the joint interpretation and
modelling of different geophysical observables: SHF, gravity anoma-
lies, geoid height, absolute elevation and seismic velocities. Each of
these observables is sensitive to the thermophysical properties of the
materials under study,which in turn dependon temperature, pressure,
and composition. Therefore, a simultaneous fit reduces the uncertain-
ties associated with the modelling of each of them alone or in pairs, as
commonly found in the literature. Moreover, since these observables
are differentially sensitive to shallow/deep, thermal/compositional
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density anomalies, this approach allows us to have a better control on
thermal and compositional density variations at different depths. For
instance, gravity anomalies and short-wavelength SHF variations are
more affected by shallow (crustal) structures,whereas elevation, geoid
height, and mantle seismic waves provide information on deeper
features and on the topography of the LAB. Themodel domain extends
from the Earth's surface down to ~400 km depth.

4.1. Temperature

Temperature distribution is calculated under the assumption of
steady-state. This assumption is justified along the entire transect. In
the continental domain, the last tectonothermal episode that affected
the lithosphere occurred in the Early Cretaceous (see Section 2), and
therefore a steady-state conductive regime is expected to be
dominant. In the oceanic domain, thermal models indicate that
departures from thermal equilibrium in old plates (N100 Ma old) are
unimportant (e.g. McKenzie et al., 2005).

The heat transfer equation is solved using finite elements with
the Galerkin ponderation method and subject to the following bound-
ary conditions: 1) fixed temperature at the surface of the model
(Ts=10 °C); 2) no heat flow across the sides of the model. Thermal
conductivity is a function of P and T according to the model of
Hofmeister (1999). To avoid unrealistic discontinuities in the thermal
gradient at the base of the lithosphere, a temperature “buffer” is
applied between the lithospheric and sublithospheric domains. This
buffer can be thought of as the rheologically active thermal boundary
layer (TBL) that separates the convecting sublithospheric mantle from
the conductive lithosphere (e.g. Schubert et al., 2001; McKenzie et al.,
2005). The thickness of the TBL is typically of the order of 50 km.

We consider that temperature within the sublithospheric mantle
increases linearly with depth according to a constant gradient
calculated as (TB−TTBL) /(zB−zTBL), where TTBL, zTBL, TB, and zB are
the temperature at the base of the TBL (1400 °C), its depth, the
temperature at the base of the numerical domain (1520 °C), and its
depth (400 km), respectively (Afonso et al., 2008).When this gradient
is outside the expected range of 0.35bdT /dzb0.50 °C km−1 (i.e.
anomalously thick or thin sections), the respective cut-off value
(either 0.35 or 0.50) is assumed. This translates into maximum lateral
temperature variations of ~120 °C at the base of the model, which is
consistent with seismic observations on the topography of the 410-km
discontinuity that indicate maximum temperature variations of a few
hundreds degrees at these depths (e.g. Flanagan and Shearer, 1999;
Chambers et al., 2005, and references therein).

4.2. Mineral assemblages and bulk density

Stable mineral assemblages in upper mantle domains are com-
puted using a Gibbs free-energy minimization algorithm (cf. Connolly,
2005; Afonso et al., 2008) within the system CaO–FeO–MgO–Al2O3–

SiO2 (CFMAS). Hence, eachmantle body in Lit-Mod is characterized by
a particular CFMAS composition (included in the input file).
Equilibrium assemblages at temperatures b500 °C are not considered
due to the lack of reliable quantitative information on reaction
kinematics and metastability at such low temperatures. We therefore
compute the properties of these low temperature assemblages at the
temperatures and pressures of interest, but with volume fractions
phase compositions identical to those at T=500 °C.

Density of mantle rocks are computed by directly solving either the
third-or the fourth-order Birch–Murnaghan EoS, depending on the
specific mineral (endmember), using experimentally derived para-
meters. The equilibrium composition of the phases (e.g. olivine,
garnet), however, are still retrieved from the energy minimization
procedure (Afonso et al., 2008, Appendix A), from which the amount
of end-members (e.g. forsterite, fayalite, pyrope) in each solid solution
can be obtained and used to solve (CTC) X=CT B, where C is the 5×m
end-member compositional matrix (obtained from the minimiza-
tion), CT its transpose, B the 5×1 phase compositional matrix, X the
m×1 end-member mass proportions matrix, and m the number of
end-members (which varies with analyzed phase). End-members
used in this approach are those in Table 3 of Afonso et al. (2008).

4.3. Gravity and geoid anomalies

Free-air gravity anomalies are calculated using the algorithm for
polygonal bodies of Talwani et al. (1959). This algorithm is applied to
each element of the mesh that make up the different bodies of the
model, accounting for continuous density variations both laterally and
vertically.

The calculation of 3D geoid anomalies is done by converting two
adjacent triangular elements of the mesh into rectangular prisms
throughout the model, solving the integral of their gravity potential,
and substituting the result into Brun's formula (Zeyen et al., 2005;
Afonso et al., 2008). The length of the prisms in the direction of the y-
axis (i.e. section thickness) is taken for all the models to be large
enough to simulate 2D anomalies.

4.4. Seismic velocities

Seismic velocities are computed from the elastic moduli of each
end-member mineral and the density of the bulk rock at the pressures
and temperatures of interest. Elastic moduli of the constitutive phases
are computed from the amounts of end-members present in each
stable phase (from the free-energy minimization) as the arithmetic
mean of the end-member moduli weighted by their respective molar
proportions (appropriate for chemical mixtures, e.g. Connolly and
Kerrick, 2002). The elastic moduli of the mechanical aggregate (i.e.
bulk rock) are computed with the Voigt–Reuss–Hill (VRH) average
scheme (Hill, 1952). Differences between the VRH scheme and other
more sophisticated methods such as the Hashin–Shtrikman (Hashin
and Shtrikman, 1963) or the modified shear-lag (Afonso et al., 2005)
are negligible in most cases (except for some garnet pyroxenites and
eclogites, for which we use the model of Afonso et al., 2005), given the
uncertainty in end-member moduli and modal proportions.

An elastic attenuation in mantle assemblages is computed fol-
lowing Afonso et al. (2008). Water effects on seismic velocity through
enhancement of attenuation is not considered here. Although this
effect is important above subducting plates or plumes, it is unclear
whether it also plays a role in the seismological signal of ocean basins
and/or continental lithosphere (Karato, 2003; Faul and Jackson, 2005).

4.5. Elevation

Elevation is calculated under the assumption of local isostatic
equilibriumwith the compensation depth at the base of the numerical
domain. Note, however, that sublithospheric loads are implicitly
neglected in the isostatic balance due to the assumed adiabatic
gradient for this domain (see above). The final formulae that LitMod
solves to obtain absolute elevation are similar to those in Lachenbruch
and Morgan (1990), where the elevation above (Ea) and below (Eb)
the sea level are given respectively by

Ea =
Z Lbottom

Ltop

ρb − ρl zð Þ
ρb

dz − Π ð1Þ

Eb = Ea
ρb

ρb − ρw
ð2Þ

where Ltop is taken at the top of the column, Lbottom is taken at the
bottom of the column, ρb (assumed constant) is the density of the
mantle at 400 kmdepth (=3585 kgm−3),ρl(z) is the depth-dependent
density, ρw is the density of seawater (=1030 kg m−3), and II is a



Fig. 3. Crustal structure reported by Bauer et al. (2000) based on their P-wave seismic model (thin dashed lines represent iso-velocity contours). Red dipping lines indicate the
location of the seaward dipping reflectors (SDR). Density values used by Bauer et al. (2000) in their gravity modelling are also shown.

Fig. 4.Melting models used in this work. Dotted line is the “normal” or “standard”MOR
model. Solid line is the “hot” MOR model. Dashed line is the quasi-linear model of
Turcotte and Phipps Morgan (1992). See text for details.
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calibration constant (cf. Afonso et al., 2008). When short-wavelength
net loads are present, a correction for the elastic resistance of the
lithosphere is applied (see discussion in Section 6.1).

5. The composition of the lithospheric mantle across the
Namibian Margin

As mentioned before, the most remarkable features of the
NamibianMargin are its anomalously thick oceanic crust, the presence
of underplating material beneath the ocean–continent transition, and
the Proterozoic character of the continental domain. All these aspects
will have a particular signature on the mineral composition of the
lithospheric mantle, which will translate into density and seismic
velocity variations.

5.1. Melt fraction and thickness of the oceanic crust

Oceanic crust between anomalies M4 (~126 Ma) and M2
(~123 Ma) shows a common layered structure (Fig. 3). Layers 1
(sediments) and 2 (basaltic layer) have typical velocities of 2.8–4.4 km
s−1 and 4.8–5.5 km s−1, respectively, while layer 3 has velocities of
6.1–7.1 km s−1, consistent with a gabbroic composition (Bauer et al.,
2000; Trumbull et al., 2002). Although the first two layers do not
depart significantly from normal thicknesses, layer 3 reaches 9 km,
which is similar to those found in aseismic ridges (Gladczenko et al.,
1998; Bauer et al., 2000), and exceeds by more than 2 km the average
thickness of normal oceanic crust (White et al., 2001).

The depth-dependent mineral assemblages within the oceanic
lithospheric mantle are computed in a three-step process: a) calculate
the melt fraction compatible with the observed crustal thickness;
b) calculate the residual composition of a fertile source after melt
extraction at theMOR; and c) use this composition to solve the energy
minimization scheme. The mass balance assumes batch melting and
bulk partition coefficients Di from Niu (1997).

To a good approximation, the average degree ofmelting F ̅(%) can be
calculated as a function of the thickness of the oceanic crust hc (in m)
as F =̅hc ρc g (Po−Pf)−110−7, where Po, Pf, ρc, and g are the pressure at
which partial melting begins, the pressure at which melting stops, the
density of the igneous crust, and the acceleration of gravity, respectively
(Klein and Langmuir, 1987; Afonso et al., 2008). The parameters used in
the above equation depend on a number of factors; chief among them
are the assumed potential temperature Tp and the amount of water in
the mantle source. These two parameters define the pressure at which
partial melting begins. Using representative values for a dry solidus, a
“hot” potential temperature Tp=1400 °C (Po=2.75 GPa, Pf=0.25 GPa),
ρc=2880 kg m−3, g=9.81 m s−2, and hc=9 km, one obtains
F ̅=10.2%. Alternatively, if a wet solidus or a higher potential
temperature (~1450 °C) is invoked, values of Po could increase up to
3–3.3 GPa. Using average estimated compositions for the high-velocity
bodies, Trumbull et al. (2002) estimated Tp of 1420–1560 °C for the
ancestral Tristan mantle plume. It is therefore likely that the potential
temperature for the subsequent generation of the oceanic crust along
our transect would be somewhat lower than these values. In
consequence, the preferredmeltingmodel adoptedhere has parameters
Po=3.0 GPa, Pf=0.25 GPa, F =̅9.44 (representative of Tp=1400–
1440 °C), which produces a crust ~9.3 km thick, and Ca and Al contents
(in wt.%) in the shallowest residue of ~0.012 and 0.6, respectively. This
model is consistent with experimental and theoretical calculations
(White et al., 2001; Asimowet al., 2004). In anycase, thedepletion effect
is significantly more pronounced than for normal oceanic crust (~7.0–
7.5%). Fig. 4 compares the melt fractions resulting from the adopted
“hot” MOR melting model and those corresponding to “normal” MOR
and quasi-linear models. The major element composition of the residue
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corresponding to the assumed melting model is shown in Fig. 5. The
residual compositions resulting from a standard oceanic lithosphere
with normal crust and from a polybaric near-fractional melting are also
shown for comparison.

5.2. Mineral composition and depletion of the Proterozoic mantle and the
ocean–continent transition region

Inferring the composition of the continental lithospheric mantle is
more uncertain. Only a few xenolith studies have been carried out in
Fig. 5. Composition of the solid residue after partial melt extraction (MgO content). Fn = resu
shown in Fig. 4. Frac= results for a polybaric near-fractionalmeltingmodel using the parameter
The latter is modelled as a fractional batch, extracting 1% of melt in each step, and using the re
areas south of the Damara belt (within the Kalahari Craton, Pearson
et al., 1994; Franz et al., 1996; Boyd et al., 2004). The bulk composition
analysis of xenoliths from the Louwrensia kimberlite pipe presented
by Boyd et al. (2004) probably represents the best estimations of the
mean composition of the lithospheric mantle beneath this region.
Most of the samples are coarse-grained garnet lherzolites with
equant, undeformed textures. Harzburgites and spinel-facies perido-
tites are subordinate, while eclogitic xenoliths are entirely absent in
this dataset (Boyd et al., 2004). Re depletion ages indicate that much
of the lithospheric mantle in this region was formed at a similar time
lts for a “normal”melting model shown in Fig. 4. Fp = results for the “hot”melting model
izations of Niu (1997) corrected formisprints in the original paper (Y. Niu, pers. commun.).
sulting solid residue composition to produce another 1% batch melt in the next step.



Table 1
Lithospheric mantle compositions (wt.%).

Lithospheric bodya SiO2 Al2O3 FeO MgO CaO Mg#b

1c

2 46.04 2.8 8.0 39.6 3.5 89.8
3 45.6 2.39 7.8 41.5 2.71 90.5
4 45.16 1.98 7.7 43.2 1.92 90.9
5 46.06 1.0 6.45 45.85 0.6 92.7
Sublith. mantle 45.0 4.5 8.1 37.8 3.6 89.3

a Refer to Fig. 7.
b Mg#=100×MgO/(MgO+FeO).
c Variable composition as function of melt depletion (refer to Fig. 5).
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than the overlying crust; a correlation found in many other envi-
ronments (cf. Griffin et al., 1999; Poudjom-Djomani et al., 2001).
Although the chemical and textural features of these peridotites, as
well as their Re depletion ages, are consistentwith an origin as residues
of partial melting events in the Proterozoic, there is also clear evidence
of a subsequent re-enrichment (and re-heating) regional episode prior
to ~90 Ma (Franz et al., 1996; Boyd et al., 2004). Boyd et al. (2004)
interpreted the relatively unperturbed low temperature xenoliths as
representative of the primordial lithospheric mantle and those with
evidence of metasomatism and high temperature (and pressure)
equilibration as reflecting the re-enrichment and re-heating regional
event. In accordance with this, we adopt a layered structure (4 layers,
Fig. 7) for the continental lithospheric mantle in which the depletion
degree decreases with depth, until it reaches the value of the
sublithospheric mantle at the base of the lithosphere. The bulk
compositions used to estimate the mineral assemblages have been
chosen from the analysis of Boyd et al. (2004), but recast tomake them
more consistent with the crustal age of the Damara Belt (0.7–0.5 Ga).
This approach leads to a final lithospheric mantle less depleted
(average Mg# of 90.65, see Table 1) than that below the Louwrensia
kimberlite pipe (average Mg# ~91.3, Boyd et al., 2004). Although this
model composition is consistent with regional as well as global
petrological and geophysical evidence (e.g. O'Reilly and Griffin, 2006;
Afonso et al., 2008), the uncertainties associated with it are still large.

In the ocean–continent transition region we have considered the
lithospheric mantle as composed of layers 3 and 2 of the Proterozoic
continental domain (Fig. 7), resulting in a slightly less depleted
mantle than the average Proterozoic. Despite the well reported
geometry of the underplated material in this region, we prefer not
to estimate mantle mineral assemblages from volumetric estimations
Fig. 6. Final crustal structure obtained in this work. Indicated densities are our preferred value
Namibian margin (Gladczenko et al., 1998; Bauer et al., 2000). Corresponding model parame
taken from Bauer et al. (2003).
of the extracted melt that formed the high-velocity body, as done in
the oceanic domain. The reason for this is the past activity of the
Tristan plume some hundred kilometres north to our profile and the
progressive southwards decrease of estimated Tp values, which make
very uncertain to speculate about the lateral and depth position of the
source of underplatedmelts. Calculating themantle composition from
melt fraction and depletion implies to consider that the melting
source was somewhere beneath the underplated material. However,
melting originated under the influence of mantle plumes may travel
large (some hundred kilometres) vertical and horizontal distances
(e.g. Braun and Sohn, 2003), such that the mantle beneath its final
emplacement may be unaltered. More experimental data are
necessary to assess this point but the acceptability of our hypothesis
resides in the ability to reproduce the available observations.

6. Deep lithosphere characterization across the Namibian Margin

Forward modelling using the finite-element code LitMod (Afonso
et al., 2008) has been applied to the selected transect across the
Namibian Margin. The initial crustal structure and Moho depths are
taken from seismic information (Gladczenko et al., 1997, 1998;
Clemson et al., 1997; Bauer et al., 2000). Crustal P-wave velocities
reported in Bauer et al. (2000) were converted to densities using
velocity–density databases (Christensen and Mooney, 1995). Fig. 6
shows our preferred crustal structure and density distribution. The
Moho depth beneath the Messum intrusive is taken from Bauer et al.
(2003). The density of the sediments in both inner and outer parts is
constrained by velocity–density systematics and core data (Bolli,
1978). No major discrepancies, either in density or in structure, are
evident between our crustal model and that from Bauer et al. (2000)
shown in Fig. 3. In the continental domain, seismic data show no
evidence for a first order seismic discontinuity associated with the
intrusive bodies, and therefore the shape of these bodies cannot be
accurately constrained. In absence of more detailed information, we
have modelled the geometry of the intrusives based on the gravity
anomalies.

As the crustal structure is reasonably well constrained by seismic
data and gravity modeling, and our results from the best fitting model
do not significantly depart from previous reported studies, we will
concentrate the discussion on the obtained lithospheric thickness, the
fitting of regional observables (SHF, geoid height, free air anomaly, and
elevation), and the calculated mantle seismic velocities and densities
derived from the resulting mineral composition and P–T conditions.
s frommodelling, consistent with the seismic velocities and direct measurements in the
ters are listed in Table 2. Moho depth between ~400 and 500 km along the transect are
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6.1. Lithospheric thickness and regional observables

The best fitting model that simultaneously reproduces SHF, geoid
height, free-air anomalies, elevation data, and seismic velocities is
shown in Fig. 7. Model predictions are in very good agreement with
observations for both short and long wavelength patterns. The results
indicate a nearly constant oceanic lithospheric thickness ~100 km
(depth to the 1330 °C isotherm) in the first 100 km of the profile, up to
magnetic anomaly M4. The LAB deepens steadily beneath the ocean–
continent transition to ~125 km. This geometry is constrained by the
variation of geoid height and absolute elevation, which are particu-
larly influenced by the topography of the LAB. In the continental
section the LAB reaches depths of ~175 km, deepening slightly further
northeast where it could attain higher values well inside the Congo
craton. Most of the reduction in lithospheric thickness across the
margin is produced over a relatively short lateral distance of ~100 km,
similar to what is observed in the crust.
Fig. 7.Modelling results for SHF, geoid height, free-air anomalies, and elevation. Red dots rep
model. The gray envelope in SHF include observed values assuming a ±15% error (see text fo
composition of each lithospheric body is listed in Table 1.
The modelled SHF falls within the limits of the extrapolated values
from measured heat flow when uncertainties are considered. Never-
theless, the scarcity of available heatflowmeasurements (Fig. 2) and the
uncertainty associatedwith this observable prevents robust conclusions
when comparing observed and predicted values. In the oceanic domain,
the modelled SHF is in the upper limit of the measured values but fits
very well with average global observations in Early Cretaceous ocean
basins (53±21.6 mW m−2 according to Pollack et al., 1993) and plate
model predictions (50.5mWm−2 according to Stein and Stein,1992). In
the ocean–continent transition region the modelled SHF exhibits the
lowest values (40 mW m−2) owing to the low thermal conductivity
considered for the underplated bodies and their relatively high
thickness, which produce a lateral divergence of the heat flow due to
thermal refraction. Fitting the average SHF of ~60 mW m−2 in the
continental domain requires to use relatively high radiogenic heat
production rates in comparison with common values used in litho-
spheric modelling (Table 2). However, both values for upper and lower
resent observed values and associated uncertainties. Blue lines are predictions from the
r details). The corresponding lithospheric structure is depicted in the bottom panel. The



Table 2
Thermophysical parameters used in this worka.

Lithology/body A [μW m−3] k [W m−1 K−1] ρ [kg m−3]

Marine sediments (inner) 0.9 2.3 2220
Marine sediments (outer) 0.9 2.4 2200
Cont. upper crust 1.85 2.4 2680
Cont. lower crust 0.78 2.1 2900
Cape Cross mafic intrusion 0.8 2.2 2970
Messum mafic intrusion 0.8 2.2 2970
Transitional upper crust (inner) 0.4 2.4 2850
Transitional upper crust (outer) 0.4 2.4 2825
Lower oceanic crust 0.2 2.1 2980
High veloc. zone 1 0.4 2.1 3000
High veloc. zone 2 0.4 2.1 3100
Underplating 0.037 2.1 3150
Lithospheric mantle 0.015 b c

a A=volumetric heat production; k=thermal conductivity; ρ=density.
b Calculated as a function of T–P following Hofmeister (1999).
c Modelled as explained in Section 4.2.
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crust arewithin the range obtained in the adjacent Proterozoic region of
Namaqua mobile belt, where SHF and radiogenic heat production rates
are of the order of 61±11 mWm−2 and 2.3±1.1 W m−3, respectively
(Jones, 1987).

Calculated free air anomalies and geoid heights do not showmajor
departures from observed values and therefore reflect well the density
variations within the crust and the mantle, respectively. Major mantle
density variations are seated within the lithosphere due to changes
in mineral assemblages and to pressure and temperature variations.
The combined effects of compressibility and LAB topography on the
sublithospheric mantle density also plays a role, although only minor
and related to a long-wavelength pattern.

The calculated elevation shows a good correlation with the long-
wavelength observed relief. In the continental domain however, there
is an important deviation in the predicted elevation from local isostasy
associated with the intrusive bodies near the coast, namely Cape Cross
Fig. 8. A) Thermal structure of the best fitting model. Temperature contours every 100 °C.
Contours every 25 kg m−3. The spinel–garnet phase transition is evident in the three regions
the transect as a consequence of variations in bulk composition. See text for details.
and Messum intrusions (Figs. 1 and 6). These anomalously dense
bodies result in deep topographic lows (≳1600m)when local isostasy
is assumed, indicating that these features must be supported by other
isostatic mechanisms. Trying to compensate this departure by
reducing the lithospheric thickness under the intrusions leads to an
unrealistic short-wavelength thinning or deep-seated mass deficit
that is not supported by the other observables. The shapes of both
ring-complexes are constrained by aeromagnetic and gravity studies
(Bauer et al., 2000, 2003), which indicate mean diameters less than
50 km. Subsurface structures with these densities and sizes are not
expected to be locally compensated, since the flexural rigidity of the
lithosphere is able to support most of such loads, preventing any
important local deflection (cf. Watts, 2001). The net vertical force due
to this density anomaly can be estimated as

F = π
d
2

� �2
hΔρg ð3Þ

where Δρ is the density difference between normal crust and the
intrusive, g is the acceleration of gravity, and h and d are the mean
height and diameter of the intrusive, respectively. Using representa-
tive values for our case (Δρ=70 kg m−3, h=25 km, d=30 km) we
obtain a net vertical force of the order of 1.2×1016 N. Such a force
produces a maximum vertical deflection of ~40 m on a thin shell with
an elastic thickness Te=20 km; the deflection decreases by 90% at a
distance of 100 km. This is clearly beyond the resolution of the data
and indicates that the density anomaly related to the intrusives cannot
generate any significant local change in the elevation, contrary towhat
local isostasy predicts. The Te used above is a lowermost limit
suggested for the study region (Stewart et al., 2000).

6.2. Temperature distribution and mantle density

Fig. 8A shows the resulting temperature distribution, mantle
density, and seismic velocities predicted by our model. The LAB is here
Black dotted line denotes the Moho trace. B) Density structure of the present model.
(i.e. oceanic, transition, continental), although its associated density jump varies along



Fig. 9. Density profiles in the oceanic domain. The solid line is the prediction from the
present model (“hot” model). The dotted line is the prediction from a model
considering a “standard” depletion model at the MOR (see Fig. 4). The approximate
depths of the Al-rich phase transitions are also indicated.
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assumed to coincide with the 1330 °C isotherm. The calculated
temperatures within the lithosphere are the result of the conductive
heat transfer plus the radiogenic heat and thermal refraction due to
lateral changes in thermal conductivity. Within the sublithospheric
mantle, where active convection and chemical homogenization take
place, the temperature distribution follows the adiabatic gradient. The
Moho temperature varies from ca 200 °C in the oceanic domain, to
more than 600 °C in the Damara Belt. The ocean–continent transition
is characterized by temperatures of ~200 °C at the top of the
underplated material and 400–500 °C at its bottom.

The heat flow near the base of the lithosphere, but still within
the conductive part, displays values of ~43 mW m−2 in the oceanic
domain, 32–36 mW m−2 in the ocean–continent transition region,
and ~10mWm−2 in the thick Proterozoic lithosphere. This decreasing
trend from ocean to continent is related to the increase in lithospheric
thickness (from 100 km to 175 km), to the higher heat production rate
and thickness of the continental crust, and to the T–P dependence of
the thermal conductivity (McKenzie et al., 2005; Afonso et al., 2008).
Note that the thermal thickness of the lithosphere is a consequence
of the energy balance taken throughout the entire radius of the
Earth. Therefore, the above values will not extrapolate throughout
the sublithospheric mantle, where the gradients converge to near
adiabatic.

The density distribution within the lithospheric mantle (Fig. 8B)
shows values ranging between 3290 and ~3400 kg m−3, the highest
values corresponding to the deeper mantle levels beneath the
Proterozoic continental domain due to a combined effect of composi-
tion and pressure. A relative maximum of 3350 kg m−3 is obtained at
mid-lithospheric mantle levels in the oceanic domain related to the
spinel-garnet transition (see also Fig. 9). The influence of mineral
assemblages and phase changes on the density distribution in the
continental domain is evidenced by the distortion of density isolines
in Fig. 8B.
An interesting result is that the total load of the oceanic
lithospheric mantle (i.e. the integrated density over a lithospheric
mantle column), is roughly the same independently on whether it
corresponds to a “hot melting model”, as it is our case, or to a
“standard” MOR model. Indeed, the resulting heat flow, elevation and
lithospheric thickness are similar for both melting models. This is at
odds with what is to be expected after depleting the oceanic
lithosphere significantly more than in the standard case: an increase
in depletion (i.e. extraction of heavy elements such as Al, Fe, and Ca)
would result in an increase in the positive buoyancy of the plate,
which in turnwould require of an increase in the thermal lithospheric
thickness to counteract the net gain in buoyancy. This apparent
contradiction disappears when the effect of phase transitions and
vertical variations in depletion are included. Melt depletion decreases
the intrinsic density of peridotites with respect to their fertile
counterparts, particularly when the comparison is made within a
certain stability field (e.g. garnet-in or spinel-in or plagioclase-in).
However, if the comparison includes phase changes, the situation
becomes more complex due to the competing effects of chemical
depletion and equilibrium mineral modes. These effects are particu-
larly important for the spinel–plagioclase phase transition since the
density change across the transition depends on the bulk Al content
(see also Simon and Podladchikov, 2008). A highly depleted rock
experiencing the spinel–plagioclase phase transition has less Fe, Ca,
and Al than a less depleted one. The low content of Fe causes relevant
phases such as olivine and orthopyroxene to become less dense (i.e.
higher Mg#), but the low content in Al and Ca reduces the amount of
low density plagioclase and clinopyroxene that can be formed.
Therefore, depletion results in a relative increase of olivine (dense
phase) over plagioclase and clinopyroxene (low density phases). For
the two oceanic lithospheric models discussed here, the spinel–
plagioclase transition takes place ca. 0.66 GPa (~25 km). This
corresponds to a residual Al content in the solid aggregate of ~2 and
1 wt.% for the “standard” and “hot” model, respectively, which
translate in density changes of ~50 and 25 kg m−3 across the phase
change. These values compare well with those presented by Simon
and Podladchikov (2008), who used a similar approach but with a
different thermodynamic database. Fig. 9 shows the comparison
between the density changes at the spinel–plagioclase transition for
the two models considered here. Although the standard model has a
denser mantle in the spinel stability field than the hot model
(consequence of being less depleted), it is less dense within the
plagioclase stability field (due to themode effect). Our results in terms
of total plate buoyancy indicate therefore that the two competing
effects mentioned above, together with the different crustal thickness
production, tend to cancel out giving oceanic plates with comparable
total buoyancies in the two models.

6.3. Seismic velocities

Fig. 10 shows the calculated P-wave and S-wave velocities in
three columns representative of the oceanic, transitional, and con-
tinental domains, respectively. Predicted sub-Moho P-wave velo-
cities resemble very closely those inferred from seismic surveys.
Bauer et al. (2000) reported Pn velocities of 8.2 and 8.1±0.2 km s−1

below the M2 magnetic anomaly and below the Cape Cross intru-
sion, respectively (see Fig. 3). Model predictions of Pn velocities
for the same sites are 8.21 and 8.08 km s−1 and lie well within
the uncertainty of the seismological data. It is interesting to note that
predicted Pn velocities from a standardmeltingmodel for the oceanic
domain and a “standard” Phanerozoic composition for the continen-
talmantle result in values of 8.06 and 7.96 km s−1, which corresponds
to discrepancies of ~1.7 and 0.5% for the oceanic and continental
domain, respectively. The reasons for these discrepancies are related
to the different mineral assemblages and P–T conditions in the two
models.



Fig. 10. 1D Vp-depth profiles at three different locations (x=25 km, 250 km, 455 km) along the model. Thin lines represent predicted values; thick envelopes contain an assumed
uncertainty of±0.5%. Blue circles represent sub-crustal Vp values reported by Bauer et al. (2000) for the same locations. The error bars indicate theminimumuncertainty assigned by
these authors to their Vp estimations.
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Fig. 11 illustrates the computed synthetic tomography with respect
to the 1D “smooth” PREM. The recent S-wave model of Priestley et al.
(2006) is probably the only reliable seismic model in the area of
interest. Its resolution is arguably better than previous globally-
derived surface wave models, since the surface wave data sets used in
the modelling include a dense path coverage with propagation paths
significantly shorter than those used by global models. For a depth
slice at 150 km depth, this model shows a gradual reduction in S-wave
anomalies along the present transect from ~0.0% in the continental
domain, to ~−2.0% in the oceanic domain (with respect to the 1-D
“smooth PREM” profile; Fig. 3a of Priestley et al., 2006). Predictions
from our model are in good agreement with Priestley's model on the
oceanic side and the ocean–continent transition, although a small
discrepancy of ~1% remains in the continental domain. While
uncertainties in the spatial resolution of Priestley's tomography
cannot be ruled out as a possible origin for this discrepancy (at least
partially), the most likely explanation is that the petrological model
(based mainly on xenolith data from the adjacent Kalahari craton)
assumed for the continental domain is not an accurate representation
Fig.11. Synthetic Vs seismic anomalies along the presentmodel. Anomalies are computedwit
dashed line at 150 km are observed anomalies from the Vs model of Priestley et al. (2006)
of the middle-lower part of the lithospheric mantle. This ”inaccuracy”
in composition could somewhat affect the calculated thermal
structure of the mantle. Indeed, if the mid-lower parts of the
continental lithospheric mantle are made slightly more fertile, a
reduction in the thermal lithospheric thickness would be necessary to
compensate the decrease in the intrinsic mantle density. This in turn
would reduce the discrepancy between our synthetic tomography and
that of Priestley et al. (2006). We performed a series of experiments to
see how the thermal and compositional structures should bemodified
to produce a 0.0% anomaly at 150 km depth in the continental domain.
We find that this constraint is satisfied, as well as all other considered
observables, if the lithospheric thickness is reduced by 10 km. This
difference in lithospheric thickness is clearly less than the uncertainty
associated with ours and other common methodologies. Moreover,
such a small change does not perturb the thermal structure shown in
Fig. 8 in any significant way, except in the vicinity of the LAB. In terms
of composition, the average Mg# of the lithospheric mantle remains
almost the same (~90.65) as a consequence of increasing the amount
of less depleted material with respect to more depleted material.
h respect to the “smooth” PREM depicted in the right (yellow) panel. Numbers along the
at this depth (reference velocity=4.416 km s−1).
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7. Conclusions

The volcanic Namibian Margin, developed during the Early Creta-
ceous under the influence of the Tristan mantle plume, is characterized
by an anomalously thick layer 3 oceanic crust, a shallower bathymetry
than predicted by cooling plate models, the presence of underplated
material in the ocean–continent transition region, and a partly depleted
Proterozoic continental mantle. Previous studies offer a precise char-
acterization of the crustal structure, making this margin an ideal region
to study the variations of the upper mantle properties in settings where
old and thick continental lithospheres rift with abnormal oceanic crust
generation.

The results show a lithospheric structure characterized by a LAB
depth varying from ~175 km beneath the Proterozoic continental
domain to ≲100 km in the oceanic domain. These results are in good
agreement with those reported from global or regional studies based
on thermal modelling and geochemical analyses, which predict
lithospheric thickness values exceeding 150 km for Proterozoic
continental domains (e.g. Artemieva and Mooney, 2001; Poudjom-
Djomani et al., 2001) and about 100–125 km for mature oceanic
domains (e.g. Parsons and Sclater, 1977; Stein and Stein, 1992). Most
of the lithospheric thinning is produced over a narrow region of
100 kmwidth, which follows the crustal structure and therefore is not
directly reflected in bathymetry variations. Regional observables are
well reproduced, although fitting short-wavelength features (Cape
Cross and Messum intrusions) requires regional rather than local
compensation.

Our internally consistent calculation of P, T, and mineral assem-
blages allows the estimation of realistic mantle densities and seismic
velocities. Contrarily to the density–depth distribution assumed in
classical thermal models, the calculated density within the litho-
spheric mantle increases with depth from ~3290 kg m−3 beneath the
Moho to ~3400 kg m−3 close to the LAB in the continental domain.
The garnet–spinel phase transition occurring at depths of ~60 km
defines a density jump of 25 kg m−3 in the oceanic and ocean–
continent transition domains, whereas it becomes smaller in the
continental region due to its highly depleted nature.

An important result of our modelling is the good agreement
between the calculated P- and S-wave distributions and the available
data. The largest misfit between calculated andmeasured Vp values in
the uppermostmantle occurs at the ocean–continent transition region
and is less than 0.6%. In the oceanic and continental domains the
predicted and measured values practically coincide. The calculated Vs
values compared with those inferred from surface-wave tomography
at 150 km depth, with the largest departure (≲1%) located in the
continental domain.

Our hot MORmodel with a Tp=1400–1440 °C, related to the Tristan
plume, is consistent with a melt fraction of ~F =̅9.44% and explains the
anomalous thickness of the oceanic layer 3. The excess of magma
generation in the oceanic domain resulted in a more depleted mantle
than expected from standard MOR models yielding different depth
distributions of density and P- and S-wave velocities. Similarly, mantle
depletion in the continental domain is responsible for variations in the
depth distribution of P- and S-wave velocities when compared to those
calculated using a standard Phanerozoic composition.
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